Current debates on the existence of mantle plumes largely originate from interpretations of supposed signatures of plume-induced surface topography that are compared with predictions of geodynamic models of plume-lithosphere interactions. These models often inaccurately predict surface evolution: in general, they assume a fixed upper surface and consider the lithosphere as a single viscous layer. In nature, the surface evolution is affected by the elastic-brittle-ductile deformation, by a free upper surface and by the layered structure of the lithosphere. We make a step towards reconciling mantle-and tectonic-scale studies by introducing a tectonically realistic continental plate model in large-scale plume-lithosphere interaction. This model includes (i) a natural free surface boundary condition, (ii) an explicit elastic-viscous(ductile)-plastic(brittle) rheology and (iii) a stratified structure of continental lithosphere. The numerical experiments demonstrate a number of important differences from predictions of conventional models. In particular, this relates to plate bending, mechanical decoupling of crustal and mantle layers and tension-compression instabilities, which produce transient topographic signatures such as uplift and subsidence at large (>500 km) and small scale (300-400, 200-300 and 50-100 km). The mantle plumes do not necessarily produce detectable large-scale topographic highs but often generate only alternating small-scale surface features that could otherwise be attributed to regional tectonics. A single large-wavelength deformation, predicted by conventional models, develops only for a very cold and thick lithosphere. Distinct topographic wavelengths or temporarily spaced events observed in the East African rift system, as well as over French Massif Central, can be explained by a single plume impinging at the base of the continental lithosphere, without evoking complex asthenospheric upwelling.
INTROD U C T I O N
Theories and models of thermal convection in the mantle of the Earth suggest the existence of plumes of hot material that may rise from deep levels. Among various possible shapes of upwellings within a convecting medium, the mantle plume is a gigantic diapir, which comprises a narrow tail and a large spherical or mushroomshaped head. This concept explains a number of geological observations at the surface, as well as convection driven by cooling of the core of the Earth (Davies 1993; Jellinek & Manga 2004) . Nevertheless, more direct seismic evidences for mantle plumes would require imaging at higher resolution than has been available (e.g. Sleep 2004 but see, however, Montelli et al. 2004) . For this reason, a number of recent studies have triggered a new debate on the validity of the mantle plume concept (Sheth 1999; Foulger 2002) and on the possible different explanations for surface signatures commonly associated with mantle plumes (Anderson 1998; Courtillot et al. 1999; Ingle & Coffin 2004) . Most arguments against the mantle plume concept are based on a confrontation between observations, and theoretical and modelling predictions for geochemical and geophysical consequences of the interaction between the plume head and the overlying lithosphere. However, these predictions depend on the degree of reality in plume-lithosphere interaction models, which are often designed to reproduce deep mantle dynamics and consider a highly simplified lithosphere. In most (yet not all) of them, the lithosphere is a stagnant viscous lid with a fixed surface. This naturally does not permit for direct prediction of surface and intralithosphere deformation, as well as of a host of platescale tectonic and geological consequences of plume-lithosphere interactions. For this reason, it may appear that some of the criticisms of the plume concept address the models rather than plumes themselves.
In recent decades, laboratory experiments on mantle convection have shown that in laboratory conditions, several upwelling geometries could be obtained, depending on viscosity and density contrasts (e.g. Griffiths & Campbell 1990) . Numerical modelling allows inclusion of additional effects that cannot be reproduced in the laboratory. However, after almost three decades of modelling of mantle plumes by all possible techniques, the fate of the plume head making contact with the lithosphere has scarcely been tackled in terms of its consequences for plate and crustal dynamics. Among the geophysical signatures associated with mantle plumes, high mantle temperatures, surface uplift and thermal erosion of the lithosphere constitute the principal arguments for their existence. Yet, these features are only approximately reproduced in large-scale numerical models that include a single viscous layer for the lithosphere and fixed upper boundary conditions (e.g. Sleep 2003) . Moreover, most of the studies are focused on the impingement of mantle plumes on oceanic lithosphere (e.g. Olson 1990 ; Ribe & Christensen 1994) , which dramatically differs, in terms of its mechanical properties, from the continental lithosphere (Burov & Diament 1995) . Even in the oceanic domain, only a few models exist that account for a natural free surface boundary condition and the rheological structure of the lithosphere (d 'Acremont et al. 2003) . The present study extends the latter approach to the continental domain, which requires accounting for elastic, ductile and brittle properties of the continental lithosphere referred to as elastic-viscous-plastic (EVP) rheology. One of the objectives of this work is to show that both the surface signatures associated with plume-continental lithosphere interaction and the thermomechanical processes in the deep lithosphere are more complex and tectonically more relevant than the signatures predicted from studies with a simplified lithosphere. Our study focuses on the physical processes of plume head impingement at the base of the lithosphere, with particular emphasis on plume head flattening, thermomechanical erosion and the mechanical responses of the lithosphere. Predicted surface topographies are outlined and used to interpret uplift and subsidence in terms of me- (Guillou & Jaupart 1995) . chanical coupling/uncoupling between different rheological layers within the lithosphere. This study is mainly devoted to the general processes and physics of the plume-lithosphere interactions. A preliminary comparison between modelling results and surface topography in East Africa is also presented.
SUBC O N T I N E N TA L M A N T L E P L U M E S A N D C O N T I N E N TA L L I T H O S P H E R E
Although a number of studies reject the existence of mantle plumes, simple physical arguments can be invoked to justify the ascent of hot material below the continental lithosphere from the base of the mantle. The heterogeneous upper surface of the mantle has been shown to represent a mixed thermal condition, between a fixed temperature condition imposed below the oceanic domain and a constant heat flow condition, which develops below the continental domain. In general, a heterogeneous thermal condition has major dynamic consequences in thermal convection (Chapman et al. 1980) , such as modifying stable wavelengths for convection or changing thermal budget. The presence of buoyant continents at the top of the convecting mantle maintains a non-imposed thermal condition, which evolves towards a near-constant and low heat flow condition as soon as the continental area is large enough (Guillou & Jaupart 1995) . This insulating behaviour of continents (e.g. Anderson 1982) has been confirmed by measurements of terrestrial heat flow (Kukkonen & Peltonen 1999; Mareschal et al. 1999) . As a result of the low mantle heat flow beneath continents, temperatures in the subcontinental regions are higher than those beneath the oceanic regions and the resulting lateral temperature gradients induce mantle flow from the subcontinental domains towards the suboceanic mantle. It follows that the ascent of hot material is favoured beneath the centre of the continent, thus initiating a mantle plume (Fig. 1a) . Laboratory (Fig. 1b; Guillou & Jaupart 1995) and numerical experiments (e.g. Lenardic et al. 2000) have confirmed that heterogeneous thermal conditions at the top of the convecting mantle result in formation of subcontinental mantle plumes, embedded in suboceanic downwellings.
A large number of geodynamic observations support the mantle plume concept below continents. The episodic character of continental growth, as revealed by distribution of juvenile continental crust (McCullogh & Bennett 1994) , is supposed to be related to catastrophic superplume events in the mantle (Condie 2002) . Periods of supercontinent formation, periods of identified metallogenic crises and/or periods of intense magmatism can also be related to enhanced mantle plume activity. Various geological records, such as those described by Condie et al. (2000) , may be closely associated with mantle (super)plume events.
It is now well established that deep dynamic processes affect crustal behaviour. This behaviour is largely conditioned by brittleelastic properties of the crust and of the underlying lithosphere rather than by viscous properties of the deeper mantle. The geological observations of crustal deformation present one of the main sources of information on the tectonic history of the lithospheric plates. For this reason, any study of dynamics of plume-lithosphere interaction must realistically reproduce thermomechanical conditions in the lithosphere when a mantle plume impinges at its base. This requires accounting for brittle-elastic-ductile lithosphere with a layered structure reflecting highly contrasting properties of the continental crust and mantle (density, rheology, heat production).
In contrast to the oceanic lithosphere that behaves as a single mechanical layer, the continental lithosphere is composed of mechanically decoupled layers that include the upper, intermediate and lower crust and the mantle part (e.g. Burov & Diament 1995; . Compared with single layers, the mechanics of multilayers presents numerous surprises, specifically in the case of large strain-large amplitude deformation (e.g. Gerbault et al. 1998) . For example, deformation of different layers may correlate, miscorrelate or destructively interfere with each other resulting in multiharmonic or even chaotic surface deformation and in alternating movements at the surface (e.g. Hunt et al. 1996) . As a result of the multilayered structure of the continental lithosphere (detailed in Section 3.2), one can expect significant differences in the surface expression of plume-lithosphere interactions, because of a possible decoupling between the crust and mantle. Such decoupling (together with the free surface boundary condition) may result in series of subsiding and uplifting regions, as well as in extensional and compressional instabilities. Plumelithosphere interactions beneath an elastic-ductile-brittle oceanic lithosphere with free upper surface have already been described in our previous paper (d 'Acremont et al. 2003) . This study has shown that the free surface boundary condition allows for more degrees of freedom than the conventional approach. As a result, ups and downs and series of compression/extension zones were predicted at the surface. In addition, the predicted amplitudes and wavelengths of deformation also reveal a number of differences from fixed-surface models.
The problem of plume initiation was thoroughly examined in previous studies and, for this reason, we focus our experiments on different modes of plume-lithosphere interactions and consider different thermal and rheological structures of the continental lithosphere. Similarly, physical processes triggering a mantle plume event, such as thermal conditions described in Fig. 1(a) , are not considered. In order to compare our results with analogous studies for the oceanic plates (d 'Acremont et al. 2003) , we first consider a monolayer continental lithosphere. Then, we introduce a multilayer crust-mantle structure. Plume dynamics are parametrized by a plume Rayleigh number derived from commonly inferred temperature and density contrasts.
Before giving a detailed description of the numerical experiments and their results, we find it necessary to list all previous hypotheses that were commonly used in studies on plume-lithosphere interactions, in order to stress the novelty of our approach. The following Section 3 thus provides a review of previous assumptions and gives additional information on the realistic approach used in our study.
COMM O N A S S U M P T I O N S O F P L U M E M O D E L S

Mantle rheology
In addition to tectonically oversimplified representation of the lithosphere by a viscous lid (see Section 3.2), the asthenospheric and mantle material is often considered to have constant, linearly varying, or temperature-dependent Newtonian viscosity (e.g. Loper & Stacey 1983 ). Resulting models yield plume ascent rates on the order of 0.2 to 2 m yr −1 , predicting that plumes should lose a large amount of their thermal energy during their ascent. This implies the formation of large-scale blurred zones (haloes) of thermal influence at depth, originating from extensive heat diffusion from a slow plume. Later studies of diapirism (Weinberg & Podladchikov 1994; Van Keken 1997; d'Acremont et al. 2003; Burov et al. 2003) demonstrated that ascent rates might be several orders of magnitude higher (hundreds and thousands of m yr −1 ) in cases of non-Newtonian power-law viscosity. Such a rapid ascent results in a reduced size of the critical thermal layer around the head and tail of the diapir, and in essentially higher thermomechanical potential of the diapir when it arrives at the surface. The continental plates migrate at rates 5-10 times slower than those of oceanic plates. With slow plates and high plume ascent rates, there is no need to account for horizontal plate motions in plume-continental lithosphere interactions and no hotspot tracks are expected.
Fast ascent of hot material is expected to modify rheological properties of the mantle lithosphere and thus its mechanical response. On the one hand, thermal energy stored in the plume head is sufficient to reduce the viscosity of the lower part of the lithosphere. On the other hand, the fast ascent of the plume should promote brittle faulting and horizontal intraplate instabilities in response to the impact of the plume head. The analytical and numerical estimates of plume dynamics appear to be approximate, in particular as a result of the strong dependence of the results on temperature and rheological assumptions (Sleep 1997 (Sleep , 2002 (Sleep , 2003 . Consequently, it is difficult to compare or to test models on the basis of previously estimated ascent rates, which justifies a new numerical approach.
Lithosphere rheology
The lithosphere deformation is dominated by elastoplastic and elastoviscous-plastic behaviour in the crust and uppermost mantle (Figs 2a and b) . Until recently, the plume-lithosphere interactions were tackled within the hydrodynamic approach based on the solution of viscous flow equations (e.g. Ribe & Christensen 1994; Doin et al. 1997; Sleep 1997; Solomatov & Moresi 2000; Tackley 2000) . Most models of plume ascent considered the lithosphere as a stagnant viscous lid with a fixed surface. Instead, lithospheric-scale studies show that the lithosphere behaves as an elastic-brittle-ductile multilayer, whose mechanical response involves flexural bending, pure and simple shear, localized brittle deformation, compressional Tables 1 and 2 ). Dashed lines correspond to temperature-dependent Newtonian viscosity. Shown are maximal shear stresses for two fixed strain rates (∂ε 1 /∂ x = 10 −15 s −1 , black contours) and (0.1∂ε 1 /∂ x, grey contours). For non-Newtonian constitutive relationships (quartz, diabase, olivine), stress dependence on strain rate is approximately 10 times smaller than for Newtonian viscosity. In the case of continental EVP rheology, crust is mechanically decoupled from the mantle; stresses cannot grow over yield stress limits, which results in a local reduction of integrated plate strength. (b) Comparison of plate behaviour in the cases of Newtonian and EVP rheology (modified from . For EVP rheology, brittle and ductile failure in regions of maximum deformation (e.g. bending) result in local weakening and strain localization (top, right); large periodic variations of integrated strength ( z σ (z)dz, middle) result from alternation of flexural strain in the lithosphere, thus creating a feedback between strength and strain. Bottom: comparison of surface behaviour for linear and EVP rheology schematized as the convolution between the integrated strength of the plate and plume-induced basal topography; lithosphere modulates deformation caused by a plume. or tensional instabilities Frederiksen & Braun 2001) . As demonstrated in Fig. 2(b) , a plume may produce two major effects on the lithosphere: necking and boudinage as a result of background extension caused by plume spreading; and flexural response as a result of plume loading normal to the lithosphere. Both result in periodically varying integrated strength of the plate measured in terms the equivalent elastic thickness (EET) of the lithosphere (e.g. Burov & Diament 1995; Turcotte & Schubert 2002) . In the case of EVP rheology, the integrated strength becomes laterally variable, which enhances localization of deformation and thus variations of topography, leading to the establishment of a feedback between strength, surface and subsurface deformation. Such a system would have little to do with a viscous lid. However, plume models still use the viscous or pseudo-viscous lid concept even to reproduce non-viscous deformation (e.g. Bercovici et al. 2001; Solomatov 2001 ). Yet, the approximation of non-viscous behaviour by the viscous or pseudo-viscous approach is limited: viscous rheology remains distinct from elasticity and plasticity as it relates stress to strain rate, while both brittle or elastic behaviour are generally strain-rate independent (Byerlee 1978; Turcotte & Schubert 2002 ).
Viscous versus non-viscous rheology: introducing an explicit approach used for tectonic modelling
Correct accounting for non-viscous rheology requires a mechanical approach that is not limited to flow. In particular, accounting for plasto-elastic rheology requires the computation of total and accumulated strain and total (including static) pressure that are not explicitly present in flow equations. This problem is circumvented by solving more general Newton's equations of motion (Appendix A) instead of flow equations. The constitutive laws for EVP rheology correspond to a serial (Maxwell type) body:
where ε i j stands for the components of strain tensor and subscripts e, v, p refer respectively to elastic, viscous and plastic contributions to total strain (see Appendix B). Eq. (1) is solved in incremental form, which provides control of both strains and strain rates. The total strain increment is defined by a sum of elastic, plastic (brittle) and viscous (ductile) strain increments. Each strain increment is computed according to its constitutive law, or rheological term. We use linear elastic, Mohr-Coulomb plastic and non-linear power-law ductile creep rheological terms (Appendices A and B). In the present formulation, we apply a modified form of the eq. (1), in which the total strain increment is defined for each numerical element depending on which rheological couple, elastic-plastic or elasticviscous, provides the smaller stress. This substitution is justified for short time steps used in our experiments (large Deborah number, i.e. large ratio of relaxation time to time step). This assumption is well suited for conditions of the real Earth, where one behaviour, elastoplastic or viscoelastic, almost always dominates the other (e.g. Goetze & Evans 1979) . Two notions of the effective viscosity can be associated with the eq. (1). The first notion relates to the true effective viscosity of the viscous-ductile part, determined as
where τ II is the effective shear stress (second invariant) and ε II v is the effective viscous shear strain (second invariant). The second notion relates to the apparent viscosity determined as
where (ε e + ε v + ε p ) II is the total effective shear strain. In computations, we only use the effective viscosity, whereas the apparent viscosity is evaluated for comparison with the results of published viscous models.
Deep mantle convection is weakly dependent on elastic or plastic rheological terms, but this is much less the case for the plumelithosphere boundary and lithosphere. The Maxwell relaxation time τ m = µ eff /E in deep mantle is small (100-1000 yr; Appendix B) and the behaviour approaches purely viscous. Yet, just above the plumelithosphere interface, the relaxation time is 1-10 Myr. In this case, elastic strain becomes as important as viscous strain and the current deformation, plastic or brittle deformation, becomes strongly dependent on strains that have occurred millions of years ago.
Boundary conditions: the need for a free surface
As shown in studies of gravitational stability of the lithosphere (e.g. Canright & Morris 1993; Molnar & Jones 2004) , there can be orders of magnitude differences in the growth rate of perturbations at the lithosphere-asthenosphere boundary, if one compares the case of no slip and that of a stress-free top boundary. There will be even more difference if one considers a free top boundary (no conditions on stress either or displacement). However, there are only a few examples of the application of a free upper surface condition in convection models (e.g. Kiefer & Hager 1992; Solomatov & Moresi 1996) . A compromise stress-free upper surface has been implemented in few earlier studies (e.g. Houseman & McKenzie 1982; Craig & McKenzie 1986) . A free surface boundary condition, however, makes a major difference in the case of stratified upper layer with EVP rheology, which was not used in these models.
In fixed-top models, surface deformation cannot be computed directly. Instead, it is estimated from the assumption of local isostasy (e.g. Ribe & Christensen 1994) . This assumption implies zero lithospheric strength, i.e. no lithospheric flexure or localized deformation. This assumption is also inconsistent with the concept of a stagnant lid implied in these models. The limitations of the fixed upper surface condition are partly circumvented in studies that use a combination of an analytical elastic bending solution for the lithosphere with a viscous flow solution for the plume (e.g. Davies 1992 Davies , 1994 . However, regional lithospheric deformation involves not only elastic but also inelastic bending (Burov & Diament 1995) , necking, faulting, tensional and compressional instabilities (Gerbault et al. 1998 ) that have to be accounted for the realistic prediction of surface deformation.
Driving forces and plume Rayleigh number
The density contrast between a plume and its surrounding material drives plume ascent and conditions the forces applied at the base of the lithosphere. The density contrast is maximal when the plume arrives at the base of the lithosphere. The thermal part of the density contrast then decays as the plume head material loses heat because of heat diffusion enhanced by plume flattening. To estimate plumerelated buoyancy forces, one can consider the density anomaly ρ resulting from a chemical density difference ρ ch and thermal expansion of mantle/plume material (with reference density ρ at T 0 ) induced by a temperature difference T = T 0 + T between the plume and surrounding material:
where α is the thermal expansion coefficient and ρ m is the density of the plume material at the temperature of surrounding material.
Most estimates point to T values on the order of 100
• -300
• C, which result in ρ values of 10-30 kg m −3 for no chemical density contrast. These values are approximate because experimental data indicate strong variation of α with temperature and pressure. α first strongly increases (above Moho depths), and then decreases with growing pressure and temperature (Cooper & Simmons 1977; Bauer & Handin 1983) . Below the depth at 1300
• C (150-200 km), α starts to continuously decrease with increasing pressure and becomes half as large at 400-660 km depth. Consequently, if the plume material is buoyant at 410 or 660 km, it may need a higher than conventional T value (up to 500
• C) or initial chemical density contrasts (Jaupart, private communication, 2002) . Mantle plumes also undergo phase changes and chemical transformations on their way to the surface. It is therefore possible that the chemical density contrast with the surrounding mantle is as important as the thermal contrast. The dependence of the effective viscosity on P-T conditions does not allow one to derive a unique Rayleigh number for the entire system. To circumvent this problem, one can introduce a combination of surface, local and bottom Rayleigh numbers (e.g. Solomatov & Moresi 2000) . For our experiments, however, it is useful to operate with a single parameter. For that, we use an effective Rayleigh number for plume ascent (d 'Acremont et al. 2003) . We assume an ascent interval d − h and a maximal driving density contrast ρ max , where d is the depth to the bottom of the mantle, h is the depth to the bottom of the lithosphere, ρ max = (ρ p α T max + ρ ch ) with ρ p being the density of plume material at the temperature of surrounding material at depth d and T max being the difference between the temperatures of plume material at depths d and h. Assuming representative mean temperature T * , a simplified approximation for the plume Rayleigh number, Ra p , reads:
where χ is the thermal diffusivity and µ eff is the effective viscosity as defined in eq. (2) and derived in Appendix B. Instead of Ra p , a local depth-/temperature-dependent Rayleigh number Ra b also can be introduced by replacing: where t cr can be found from equating Ra b to critical value Ra cr for the onset of Rayleigh-Taylor (R-T) instability (Ra cr ≈ 10 3 ) or by choosing some other characteristic length scale δ l and assuming
Compared with the case of Newtonian viscosity of the surrounding material, Ra p for non-Newtonian fluid (e.g. olivine, n = 3) reveals strong power-law dependence on the density contrast and on the plume size (d = 2r ). For Newtonian viscosity, Ra p is a linear function of the density contrast and does not depend on the plume size. In the case of a non-Newtonian medium, Ra p scales as a third power of the density contrast (and thus of temperature) and as a second power of the plume size. Plume ascent through a non-Newtonian fluid is thus extremely sensitive to effective body forces. A very small variation in buoyancy force results in a strong variation in the ascent behaviour. For an equivalent body force, this ascent may be orders of magnitude faster than for a Newtonian fluid (Weinberg & Podladchikov 1994 ).
Sublithosphere geotherm
Computation of buoyancy forces needs to account for the mantle geotherm (Fig. 3) . The real thermal structure of the upper mantle is poorly known and, for this reason, a near adiabatic geotherm associated with the notion of potential temperature is often used to compute buoyancy forces . This assumption becomes self-contradictory in the case of high Rayleigh numbers. As long as the assumed plume temperature and/or density contrast is significant, the peculiarities of the background geotherm are not important if the numerical code is fully thermally coupled. In the numerical code PAROVOZ used for this study, the temperature field from the previous time step is used for the computation of driving forces on the current time step. This approach is suitable for plume ascent because the driving forces depend on the local temperature field perturbed by the plume as much as on the regional field.
NUME R I C A L S E T U P
In order to focus our study on plume head-continental lithosphere interactions, we use a numerical method that accounts for a realistic rheology and upper surface conditions. This code (PAROVOZ, Poliakov et al. 1993) has been derived from the FLAC algorithm (Cundall 1989) . Its rift and plume version is explained in detail in and d 'Acremont et al. (2003) , and is briefly described in Appendices A and B. To account for all possible types of deformation (including pressure-and straindependent lithospheric deformation), this method solves Newtonian equations of motion (second law) directly instead of the NavierStokes equations. The algorithm explicitly takes into account physical elastic-brittle-ductile properties of the mantle, crust and lithosphere, and handles brittle and ductile strain localization, allowing us to model the formation of brittle faults and ductile shear zones. The algorithm includes an explicit free upper surface boundary condition.
Model geometries
The plume-continental lithosphere interactions are restricted to the upper mantle (650 km depth). For this reason, the vertical size of the model is also limited to 650 km. The horizontal size of the box varied between 1000 and 2000 km (Fig. 4) .
Following Ribe & Christensen (1994) , we do not consider the initial stages of diapir formation, as they are of minor importance for near-plate processes. The initial mantle plume (spherical density contrast) is located at the base of the model box and has a diameter of 100-200 km. Because the plume head is deformable, the choice of initial geometry is of minor importance. The choice of spherical geometry is supported by fact that a viscous body takes a spherical shape in a laminar regime and infinite space (Batchelor 1967 ). In the middle-mantle conditions, the diapiric ascent occurs at Reynolds numbers well below 10 5 and thus in the laminar regime. Several lithospheric structures have been tested in order to encompass end-member situations, including the probable case of a hot, thin Archean continental lithosphere. In the first set of experiments (Fig. 4a) , the lithosphere was young (150 Ma) and thin (100 km). In the second set (Fig. 4b) , the thermal structure and rheological structure of the lithosphere corresponded to an old (400 Ma) and thick (200 km) continental lithosphere. The 400-Ma age corresponded to characteristic decay time within which continental geotherms approach steady state (Parsons & Sclater 1977) . The age dependence of the lithospheric geotherm is still non-negligible until 800-1 Ga (e.g. Perry & Jaupart 2004), but major cooling occurs within the first 400 Myr.
Density and rheological structures
Each numerical element is assigned its specific material phase, which is defined as a set of physical parameters of given material: density, thermal and rheological (elastic, ductile and brittle) parameters (Tables 1 and 2 ). We use a conventional density structure for the mantle, including the lithosphere (Turcotte & Schubert 2002) . All continental models include 40-km-thick crust and four horizontal rheological layers (Tables 1 and 2 The density of the plume has the same dependence on pressure as the background (ρ P = ρ m + ρ ch + αρ m T ). For this reason, the absolute values of background density are of no importance. A uniform numerical grid provides vertical and horizontal resolution of 5 km element −1 . The lithospheric layer thus includes 30 to 50 elements in the vertical direction, which corresponds to 10-15 times higher resolution than in most previous models (e.g. Ribe & Christensen 1994) .
The rheology chosen for crust and mantle is an EVP rheology with a quartz(granite)-dominated crust and an olivine-dominated Turcotte & Schubert 2002 Table 2 . Specific rheology and related thermal parameters. Compilation by . ρ is density; Q, n, A are material-dependent parameters of ductile flow laws (Kirby & Kronenberg 1987; Kohlstedt et al. 1995) .
Other parameters from Turcotte & Schubert (2002) . (Table 2 ; Ranalli 1995; Burov & Cloetingh 1997) . The elastic and brittle parameters are provided in Table 2 and are explained in Appendix B.
Parameter Value
All rocks
λ, G Lamé elastic constants (λ = G) 3 0 G P a φ friction
Boundary and initial conditions
The initial background geotherm is obtained by joining continental and deep mantle geotherms. The initial age-dependent cooling geotherms for the lithosphere are computed according to Parsons & Sclater (1977) and Burov & Diament (1995) . At the depth at 1330
• (thermal base of the lithosphere), these geotherms transform themselves into adiabatic geotherms (approximately 0.3-0.5 Schubert et al. 2001; Sleep 2002) . Temperature slowly increases from 1330
• to 1450
• C at 400 km depth and reaches 2000
• C at 650 km depth (e.g. Schubert et al. 2001 ). As discussed above, peculiarities of geotherms in the mantle domain are of little importance because (i) the density contrasts associated with the diapir are more important than density variations of the background field, and (ii) the temperature field is recomputed on each time step and the buoyancy forces are re-adjusted according to the actual (and not the initial reference) thermal distribution.
Zero heat flux is assumed as a lateral thermal condition on both sides of the box. The surface temperature is fixed at 0
• C and the bottom temperature is fixed at 2000
• C. The mechanical boundary conditions assigned on the four sides of the box (Fig. 4) are: on the left and right sides, horizontal velocity is v x = 0; hydrostatic pressure is applied at the bottom; a free surface is imposed as the upper boundary condition.
RESU LT S
Most of the results described below are discussed in terms of the predicted surface topography. Consequently, we first show differences between tests with Newtonian and non-Newtonian rheology, when a plume impinges at the base of an oceanic lithosphere (d 'Acremont et al. 2003) . The description of this reference calculation is followed by an investigation of additional effects.
Reference calculations and benchmarking (oceanic lithosphere)
The code has been previously tested in against the analytical solution for the non-Newtonian Stokes problem (Weinberg & Podladchikov 1994; Appendix B) . For mantle scale reference calculations, we have also run several benchmark experiments (see also d 'Acremont et al. 2003 ) assuming a common setup that includes a homogeneous (oceanic) lithosphere with Newtonian rheology and a fixed upper surface. These experiments were then compared with experiments on homogeneous lithosphere with nonNewtonian rheology and a free surface (Fig. 5) . The initial temperature anomaly T and the equivalent density contrast between the plume and the asthenospheric mantle were respectively 300
• C and 30 kg m −3 (Farnetani & Richards 1994; Ribe & Christensen 1994) . We varied these parameters in a wide range of possible values from 100
• to 300
• C, and from 10 to 25 kg m −3 , respectively (d 'Acremont et al. 2003) . Fig. 5 demonstrates differences in the topographic signatures associated with the impingement of a plume head beneath an oceanic lithosphere, where a conventional New- tonian model with a rigid top is compared with a non-Newtonian model with a free upper surface. In the case of a free surface and non-Newtonian EVP rheology, the amplitude of vertical uplift is 30 per cent smaller than for the isostatic Newtonian prediction, which matches estimates by (Ribe & Christensen 1994) for similar conditions (Figs 5a and b) . Moreover, the shape of the surface doming is also quite different: secondary short-wavelength harmonics are observed in the non-Newtonian reference model (Fig. 5, case c) as a result of localized plate weakening. Fig. 6 shows a reference experiment with an oceanic-like thin lithospheric monolayer, analogous to those of d 'Acremont et al. (2003) . In this and following figures, time increases from bottom to top and physical parameters are shown: rheological phases, velocity field, temperature field and effective viscosity. Strain rates are also computed and shown when required. Time steps were chosen to emphasize specific plume behaviour or evolution of topography and thus can be different from one test to another. In Fig. 6 , the plume head arrives at the bottom of the lithosphere and flattens over a large regional scale. At the first stage, a small-scale domal uplift develops superimposed on large-scale domal uplift (see right column in Fig. 6 , wavelength of 300 km). Upon its arrival, the plume head erodes and destabilizes the colder, heavier lithosphere, which develops an R-Tlike instability and sags down. As a result, the plume head is divided onto two diverging zones resulting in the formation of alternating zones of extension and compression in the overlying lithosphere, and hence in two series of zones of uplift and subsidence (time step of 5 Myr). In contrast with the previous studies (e.g. Sleep 2003) , lithospheric downwellings are not only conditioned by the density, temperature and viscosity of the uppermost mantle, but also by mechanical properties, density and temperature of the crust, which is unlikely to sink as a result of its large positive buoyancy (Table 1) .
Thin (hot) continental lithosphere
In this set of experiments, the initial lithosphere is hot and thin (100 km; Figs 7 and 8). For this case, we tested two main situations:
(i) a laterally homogeneous lithosphere with an initial geotherm corresponding to 150 Myr included in a system with a relatively low plume Rayleigh number (10 5 , background subasthenospheric viscosity cut-off, or mean background viscosity, µ ≥ 10 20 Pa s); and . Colour code (see pdf/html version of the paper) for the phase field is: blue, oceanic crust (7 km thick); green, olivine lithosphere; yellow, olivine/peridotite mantle; purple, plume material. Each phase corresponds to a set of rheological and physical parameters describing distinct material (rheological parameters, thermal properties, density). The apparent viscosity is computed for viscous, elastic and ductile domains as a ratio of instantaneous stress and strain rate.
(ii) the same experiment with a higher plume Rayleigh number (10 6 , background subasthenospheric viscosity cut-off µ ≥ 10 19 Pa s). show the cases of Ra p = 10 5 , Ra p = 10 6 and Ra p = 5 × 10 6 , respectively. In these experiments, light, weak (quartz rheology) crust that initially keeps heavier mantle lithosphere afloat can be mechanically decoupled from it, as a consequence of both thermal and strain rate softening produced by interaction with the plume head. As a result, the plume head can destabilize the mantle part of the lithosphere (see distribution of rheological phases, left column in Figs 7a and 8a) , which starts sinking down quasi-immediately after crust-mantle decoupling. It follows that a large zone of mantle lithosphere above the plume head develops R-T-like and intraplate tensional instabilities. Thus, instead of a single domal uplift, a series of large-scale uplifts and basins are formed in the surface as a result of mechanical decoupling of the crust and the mantle (see surface topography signatures, right columns in Figs 7b and c) . Comparison with the monolayer case suggests that the layered structure of continental lithosphere plays a first-order role in the surface reaction to plume ascent. In general, decoupling results in the appearance of two or three harmonics of surface deformation. This effect of crustal-mantle decoupling was discussed in a number of studies on lithospheric deformation (e.g. Gerbault et al. 1998 ) but was not related to plume-mantle interactions. The main differences between Figs 7(a), 8(a) and (b) are clearly expressed in the predicted topographic signatures. The low Ra p case shows a large-scale depression, as a result of a large-scale plume-induced basal drag, compared with higher Rayleigh number cases, in which plume impacting becomes significant, and induces uplift and subsidence signatures. Yet, wavelengths of these surface undulations are not only controlled by Ra p , as it is explained below. Also noteworthy are secondary-scale plumes initiated at the bottom of the box a few Myr after the ascent of the initial plume (Figs 8a  and b) . These secondary plumes may be responsible for secondary phases of extension. However, their formation depends on the assumed thermal condition on the bottom (fixed temperature). In the case of a fixed flux boundary condition, the initiation of secondary plumes may be less favoured.
Plume ascent and plume head flattening
Plume head flattening begins when its upper extremity approaches the bottom of the lithosphere. Peculiar features of this process can be observed in the velocity, temperature, effective viscosity and phase fields (Figs 7a, 8a and b ). The velocity field shows two distinct convective cells, and the material phase field shows lobes situated on either side of the plume head and present only in the asthenospheric mantle. These lobes propagate horizontally at a rate comparable to the plume ascent rate. The strain rate field indicates two areas of strain localization at the bottom of the lithosphere above the plume head (Fig. 7b) . As it flattens, the plume head is separated into several zones as a result of R-T instabilities and boudinage of the uppermost lithosphere (Fig. 7c) . This mechanism explains the formation of alternating series of basins and uplifts with a wavelength of 300-400 km, as shown in the early stages of Figs 8(a) and (b) and partly visible at the latest stage of Fig. 7a .
Thermomechanical erosion
A significant thickness of the lithospheric mantle is eroded and reworked by the plume. As the plume head flattens, the lithosphere is mostly eroded in two large areas adjacent to the centre of the plume head, where the strain rates are maximum (Fig. 7b) . This favours the formation of alternating zones of lithospheric extension (downs) and compression (ups). The deformation increases under the lithosphere while strain rates in these two areas become large. The border zones of the eroded area are characterized by pronounced downwelling of cold lithospheric material, all the more when Ra p is low. The erosion occurs initially because of strain-rate weakening, not because of thermal softening, which needs more time because of locally high Peclet numbers. Shear stresses created in the lithosphere by interaction with the plume head result in stress localization on the order of ±1-110 MPa within the first 50-100 km of the lithosphere, which remains effectively elastoplastic (brittle) and non-viscous. High shear strains are also localized above the rising plume and over both edges of the plume head (Fig. 7b) . The plume head, which had an initial diameter of 200 km, becomes 1000 km wide under the lithosphere (Figs 7a, 8a and b) . In some cases, the mantle part of the lithosphere is thinned and weakened above the plume head to the extent that it decouples from the underlying buoyant crust and becomes gravitationally unstable. As a consequence, R-T instabilities develop and the lithosphere sags into the plume head. This is more important for relatively low Ra p (Figs 7c and 8a) . With an increasing Rayleigh number, large-scale lithospheric erosion vanishes as a result of decreased shear stresses and the reduction of the thickness of the critical thermal layer below the interface plume-lithosphere. The wavelength of bottom instabilities is thus reduced, resulting in the formation of a laterally spreading zone of small-scale erosion, and vigorous local downwelings penetrate through the ponded plume material (Fig. 8b) , as a number of studies have shown (e.g. Sleep 2003) .
Extensional events
The experiments predict two main phases of extensional evolution. First, large-scale extension over the centre of the plume head occurs at early stages of plume ascent and follows initial domal uplift after approximately 0.5 Myr since initiation of the plume at depth. This extensional event is then likely to be followed by second phase of extension resulting in the formation of a system of alternating basins (one or no central basin and two basins aside) spaced at 300-400 km (Figs 8a and b) . The initial central basin is often subject to boudinage resulting in the formation of small-scale basins (and ranges) with a spacing of 100-200 km inside the central basin. 
Predicted surface uplift
Not only the wavelength but also amplitudes of surface uplift are conditioned by layered rheology and a free surface boundary condition. In general, the amplitudes of the surface uplift are 2-30 per cent smaller than those that could be predicted based on isostatic assumptions (Fig. 5) . The wavelength is controlled not only by plume head flattening but also by the thickness of the competent crust and mantle. Large-scale uplift associated with plume flattening is superimposed on two smaller wavelengths corresponding to decoupled deformation of the mantle and crustal layers. According to theory of boudinage (Smith 1975) , these wavelengths are proportional to 5-10 thicknesses of the corresponding competent layer. Crustal wavelength is thus limited to approximately 50-200 km but the mantle wavelength may vary from 50 to 1000 km (depending on the geotherm and rheology). In the case of 150-Myr lithosphere, the mantle wavelength is close to the crustal wavelength (200-300 km) resulting in interference between crustal and mantle deformation. The amplitudes of surface uplift are quite sensitive to a number of parameters. Previous numerical results (Monnereau et al. 1993 ) predict a two-phase surface uplift, e.g. the first phase produces approximately 700 m uplift at the centre of the plume and the second phase results in a maximum uplift of 1300 m after 40 Ma. Semianalytical estimations by Davies (1994) predict an initial uplift of 500 m and a consequent 1500 m uplift, resulting from erosion of the lithosphere. Experiments based on the local isostatic assumption (Ribe & Christensen 1994; Manglik & Christensen 1997; Cserepes et al. 2000) find a maximum topographic uplift of approximately 1300-1350 m.
In the case of 150-Ma layered lithosphere, our model predicts a long-wavelength dynamic surface uplift with an amplitude of <800 m achieved after the first 0.4 Myr (Fig. 7,8) . At this moment, the plume head is still very deep (at 300-350 km depth). The major long-wavelength elevation event (1000 m) occurs at 1-2.5 Ma. The highest elevations recorded during experiments are on the order of 1000 m at 2.5 Myr after the onset of plume ascent. During the following evolution, middle-wavelength (<300 km) elevations of 700-800 m are progressively superimposed on the regional uplift field. As can be seen, the amplitudes of surface elevations in the case of layered lithosphere are approximately half of those recorded for single-layer oceanic lithosphere.
Simulations that compare the effect of different background viscosities show that the velocity of the rising plume and the strain rate field are strongly dependent on the viscosity contrast (i.e. viscosity gradient) at the transition between the lithosphere and underlying surrounding mantle (Figs 7 and 8) . When the asthenospheric mantle viscosity is reduced by 1 order of magnitude (from 10 20 to 10 19 Pa s), the basal lithospheric erosion becomes stronger, just as the lithospheric thinning also becomes more important and considerably faster. It thus appears that the strain rate is highly dependent on the viscosity profile through the lithosphere-asthenosphere transition as well as on the plume-asthenosphere viscosity contrast. The vertical thinning rate appears to be only weakly dependent on the lateral scale of the upwelling, contrary to the geometry and evolution of the area of horizontal thinning, which is dependent on the length of the plume head flattening.
Predicted lithospheric stress and strain distributions
Stress and strain patterns in the lithosphere (Fig. 7b ) demonstrate alternating zones of extension (basins, normal faulting) and compression (ranges, uprises, inverse faulting). Because the brittle strength is 1.5 times higher in compression than in tension (see Appendix A), reverse faulting is far less frequent than normal faulting. The shear and normal deviatoric stress fields predict stress localizations on the order of ±85-120 MPa within the first 70 km depth interval that remains effectively elastoplastic and non-viscous. The horizontal extensional stress is localized within the elastoplastic part of the crust and mantle lithosphere above the rising plume. The ascent of the plume results in upward lithospheric flexure, which, in turn, causes additional extension and irreversible plastic failure (faulting). Compressional lithospheric stresses are observed over both edges of the plume head. There is a moderate propagation of convective cells right into the lithosphere, but it does not affect more than half of the initial lithospheric thickness (see velocity fields in Figs 7a and 8a) . The shear stress field indicates extensional stresses above the rising plume and compressional stresses on the edges, within the first 70-100 km depth. Fig. 9 demonstrates results for initially old and cold lithosphere (400 Ma). In this case, three main phenomena are observed: (i) the increase of the lithospheric thickness reduces the Rayleigh number of the convective system, and results in slower and less active background motion;
Thick (cold) continental lithosphere
(ii) the lithosphere has a more important integrated strength, which results in long-wavelength, small amplitude deformation at surface; and (iii) in some cases, crust-mantle coupling occurs, which almost doubles the integrated flexural strength of the lithospheric plate (Burov & Diament 1995) with obvious consequences for surface evolution, such as only large-scale doming without formation of alternating basins.
These conditions would correspond to the case of the coldest and thickest continental lithosphere, which may be found in Archean terrains. Fig. 10 demonstrates the influence of the plume size on the lithospheric and surface evolution. For a plume head size (D = 100 km) half that in the previous experiments, the surface deformation occurs at slightly smaller wavelength (400 km) and large-scale deformation is superimposed, at some initial stages, with 50-75 km wavelength deformation corresponding to crustal instabilities. The wavelength of these instabilities is proportional to 5-10 thicknesses of the competent layer. A smaller plume head results in concentrated flexural deformation of the uppermost lithosphere that yields locally higher bending stresses. These stresses favour decoupling of a thin brittle crustal layer of only 10-15 km that deforms in an unstable regime separately from the rest of the lithosphere (e.g. Burov & Diament 1995) . Small-scale crustal deformation is also observed in a number of previous experiments with a large plume head, for example for high Ra p associated with typical small-scale mantle instabilities (e.g. Sleep 2003) , or in zones of concentrated crustal thinning (= reduction of thickness of competent layers). The other possible reason for the appearance of small-scale crustal deformation may be related to the plume tail size, which increases with time. In our experiments (Figs 6, 7, 8, 9 and 10) , plume head flattening is often preceded by tail widening, and it appears that tail sizes and wavelengths of topographic signatures are surprisingly correlated. Furthermore, when the tail size increases with time, small wavelengths disappear. Although the bulk plume geometry is partly defined by rheological contrasts , plume head sizes and plume tail sizes are not necessarily related, and dynamic features of each may play a role in the resulting surface deformation. This test suggests that surface signatures are not only a function of lithospheric rheology (and thus of lithospheric age and thickness), but also depend on plume dynamics, which are themselves driven by deeper processes. A complete study of plume geometry effects on lithospheric deformation would require additional tests that are beyond the scope of this study.
Influence of plume geometry
IMPL I C AT I O N S F O R T O P O G R A P H Y A S S O C I AT E D W I T H A M A N T L E P L U M E
The above described series of extensional events, together with spatial and temporal variations of uplift and subsidence phases, can be compared with geological observations of rifting-related surface signatures. Numerous field observations allow us to suggest that the conventional model of plume-induced uplift, basically a singlewavelength signature, does not apply to continental lithosphere. When a mantle plume is inferred from geochemical and geophysical data over a continental area, the topographic and volcanic signatures may not be as evident as beneath an oceanic lithosphere (e.g. Ritter et al. 2001 ).
French Massif Central
In the French Massif Central, where the presence of a mantle plume has been suggested (e.g. Granet et al. 1995) , melting, rifting and uplift episodes did not occur similarly in the northern and southern parts (e.g. Michon & Merle 2001) . Although several studies support the mantle plume hypothesis, some other geodynamic events have been invoked to explain time delays (∼15 Myr) between volcanic and sedimentation phases, as well as north-south differences in surface expression of the deep-seated thermal anomaly. Distinct mantle upwellings, or several upwelling phases (mantle pulses), could also partly explain the variability of geochemical signatures of magma sources. As emphasized in a recent review (Nehlig et al. 2003) , geological and geophysical data related to volcanism and rifting in the French Massif Central are difficult to reconcile with present-day knowledge of a single geodynamic event. Nevertheless, our study shows new consequences for dynamic topography associated with a single mantle plume event. As an example, our results for the evolution of surface topography (e.g. Figs 6, 8a and b) show that plume-induced topographic variations can last more than 10 Myr. In the case shown in Fig. 8(b) , a strongly asymmetric topography is obtained 5 Myr after plume head impingement at the base Figure 9 . Experiments considering old (and cold, crust-mantle coupling) thick three-layer continental lithosphere (initial thermotectonic age 400 Ma; Ra = 10 6 ; background viscosity at depth µ ≥ 10 19 Pa s). T = 250 • C. Initially old and cold lithosphere (400 Ma). Other notations are the same as for Fig. 7(a) . For more detail, see colour pdf/html version of the paper.
of the continental lithosphere. Small-scale undulations (∼50 km wide) progressively disappear while larger scale (∼500 km) uplifts then dominate. In the French Massif Central, the Limagne basins (∼40 km wide) appeared in the northern domain, approximately 10-15 Myr before the large domal signature (∼400 km) that focused in the south.
East Africa
Mantle upwelling beneath east Africa
Several recent studies of the East African rift have pointed out seismic evidence for a deep thermal anomaly in the mantle, interpreted as dynamic signatures of a mantle plume (Ebinger & Sleep 1998; Nyblade et al. 2000; Davis et al. 2002; Weeraratne et al. 2003) . As for the French Massif Central, many authors have attempted to explain the details of surface signatures with various scenarios of mantle upwellings. Instead of investigating the relevance of the present-day knowledge of the plume-induced topography, peculiar asthenospheric flow or original upwelling geometries have been suggested to explain geophysical and geochemical data from East Africa. For example, scattered volcanism, and the distribution and timing of uplift throughout East Africa have been explained by Ebinger & Sleep (1998) as resulting from lateral flow of plume material towards zones of thin lithosphere. George et al. (1998) have suggested two mantle plumes beneath Ethiopia in order to explain the 15-Myr time lapse between two distinct magmatic episodes. According to Davis et al. (2002) , the East African rift results from three mantle currents impinging and eroding the base of the lithosphere. These mantle currents, which would result from separation of a deeper mantle upwelling, would have eroded the sphere, superimposing three dome-like structures on the overall uplift. Rather than explaining variations in surface signatures by complex upwelling geometries, it turns out from our results that improved numerical models of plume-lithosphere interaction can bring new ideas on the complex signatures resulting from a single subcontinental mantle plume. In the following, a detailed analysis of topographic signatures in East Africa is presented.
Spectral analysis of surface topography in east Africa
Our results have demonstrated that several topographic wavelengths can be induced by plume impingement at the base of the lithosphere. In East Africa, the three dome-like structures whose wavelengths are greater than 300 km are superimposed on the regional domal uplift of approximately 1500 km (Davis et al. 2002) . These topographic signatures have been observed in several of our experiments (Figs 6 and 8) . When smaller wavelengths are considered, field observations in the Northern Kenyan rift (Morley et al. 1992; Hendrie et al. 1994; Morley 1999) indicate that several rift basins, typically 30 km wide, were episodically active from the Oligocene to the Pliocene, while others were active for only a few million years. In the Turkana area, N Kenya and SW Ethiopia, faulting gradually shifted eastwards, and volcanism moved south and east with Figure 10 . Effect of the plume head size on surface topography (phase field, left, and topography, right). All parameters are the same as in Fig. 7(a) , but for plume head (d = 100 km) two times smaller. Note the presence of reduced wavelengths of surface deformation (50-75 km). For more detail, see colour pdf/html version of the paper.
time (Morley et al. 1992; Ebinger et al. 2000) . Though spatial and temporal variations of uplift and subsidence signatures begin to be well documented (Morley 1999) , a quantitative comparison with modelling results is not easy because, as we show in Section 5, the obtained surface signatures greatly depend on the thermal state and thickness of the lithosphere prior to plume ascent. Moreover, topographic variations of the lithosphere-asthenosphere boundary, which are not considered in this study, are expected to strongly affect asthenospheric flow (e.g. Ebinger & Sleep 1998) . However, if the previously detailed physical principles, which describe the plumeinduced topography, are proved to be valid, then several topographic wavelengths are supposed to be recorded at the surface, as sketched in Fig. 2(b) . Thus, a spectral analysis of surface topography should provide new indicators of deep mantle processes.
A series of topographic profiles (global digital elevation model GTOPO30) from East Africa were selected in order to cover various areas where deep mantle upwellings have been suggested to occur, either presently or several tens of Ma. A rectangular grid was chosen
• S) and east-west topographic profiles were analysed for each degree of latitude. Fig. 11 illustrates two profiles with their associated power spectrum density allowing for dominant wavelengths to be deciphered. In the case of the Main Ethiopian rift area (Fig. 11a) , the spectrum clearly shows four distinct wavelengths. In the second case (Fig. 11b) , three dominant wavelengths can be identified. Differences between these two spectra probably come from the distinct lithospheric structures encountered. In the second case, the Tanzania craton, which is supposed to represent a colder block (e.g. Nyblade et al. 2000; Petit & Ebinger 2000) , probably affects the dynamic response of the lithosphere. Indeed, when dominant topographic wavelengths extracted from all profiles are combined (Fig. 12) , this trend is confirmed from the northern to the southern edge of the craton. The major interesting point of this diagram is illustrated by the multimodal signature of the continental topography in response to mantle upwellings. In the Afar and Ethiopian areas, under which a mantle plume would be present, two dominant wavelengths appear at around 30-50 and 70 km. Two other distinct signatures peak at 330 and 390 km. In the south of the Tanzania craton (Malawi rift area), the smallest wavelengths are still present, whereas long wavelengths do not show a clear dichotomy. These two bimodal signatures at small and long wavelengths are probably the result of rheological layering of the continental lithosphere (crust and deep lithosphere), as it is explained in Fig. 2 (b) and with our numerical results. Thermal state and rheological layering of the deep lithosphere probably differ between the north and the south of the Tanzania craton. The presence of intermediate wavelengths in the cratonic area may indicate a more complex rheological structure. However, if the cratonic lithosphere is rheologically homogeneous, the distinct intermediate wavelengths reported in Fig. 12 may reflect spatial differences in mantle flow.
Comparison with numerical results
In order to compare the spectral analysis with our numerical results, a similar procedure was employed to extract the dominant wavelengths of the numerical signatures. However, because large wavelengths are implicitly promoted by the numerical procedure, it is preferable to use the amplitude spectrum because the power spectrum density tends to attenuate short-wavelength components. Fig. 13 shows the smoothed amplitude spectrum of topographic profiles from Fig. 8(b) . In that case, we sample four time steps in the plume-lithosphere interaction process, which is similar to a spatial sampling in East Africa. As it can be seen, each spectrum shows several distinct wavelengths. The values for long wavelengths are similar to those obtained in East Africa (from 284 to 395 km). Similarly, short wavelengths of 60-77 km are discriminated for each time step. Temporal variation of wavelength values may be considered as a spatial variation in a 3-D model. With such an analogy, one can mention that no dominant wavelengths are observed between 150 Figure 12 . Spatial distribution of dominant topographic wavelengths, analysed from 31 east-west topographic profiles such as those in Fig. 11 . The bimodal signatures at short and large wavelengths, and the possible influence of the Tanzania craton are discussed in the text. and 284 km, as was observed for the northern part of east Africa (Fig. 12 , Afar and Ethiopian areas).
A more complete comparison between real surface topography and models would not necessarily bring additional results. In particular, as a result of its limited resolution, the model includes flexural uplifts caused only by large fault displacements whereas the real topography is also affected by intermediate-and small-scale faulting. Moreover, one must bear in mind that the modelled lithosphere does not possess lateral heterogeneities (thick cratons or thinned zones), in contrast to the African lithosphere. Absolute values of dominant wavelengths (real and modelled) cannot be compared quantitatively for obvious reasons (2-D profiles, erosion . . .), but basic features (bimodal signatures, a gap between crustal and lithospheric wavelengths) must be considered as a reliable indicator of plume-lithosphere interaction. However, our analyses can help guide studies of plume-lithosphere interaction beneath East Africa. Fig. 8(b) corresponds to a larger plume Rayleigh number (Ra p ) than the model of Fig. 8(a) , where surface topography exhibits smoother undulations. Topographic profiles in East Africa clearly approach those of Fig. 8(b) , allowing us to justify the possibility for large plume Rayleigh numbers, at least beneath east Africa.
Pannonian basin
The Pannonian basin is an area of pronounced lithospheric weakness since Cretaceous times with a high degree of strain localization (e.g. Cloetingh et al. 2002) . The stretching and subsidence history of the Pannonian basin, the temporal and spatial evolution of the flexure of the Carpathian lithosphere, and the lithospheric strength of the region reflect a complicated early Miocene-to-present history of this segment of the Eurasia-Africa collision zone (Cloetingh et al. 2002 (Cloetingh et al. , 2004 . A number of key features of the Pannonian-Carpathian system resemble the experiments of Figs 8(b) and 10: (i) polyphase evolution, (ii) formation of alternating internal sub-basins spaced at 200-300 km, and (iii) the simultaneous occurrence of climax of extension in the Pannonian basin and climax of compression in the surrounding Carpathian belt. It is possible that the evolution of this system is conditioned by mantle lithosphere instabilities caused by plume-lithosphere interaction both below the stretched Alpine pre-rift orogenic belt and the borders of the Eastern European platform. This scenario would be consistent with anomalous mantle lithosphere thinning in the Pannonian basin, and is compatible with inferences from seismic tomography demonstrating pronounced heterogeneity in the upper mantle under the PannonianCarpathian system, with stratification displaying pronounced lateral variations in contrast at the transition between East European platform/Moesian plate lithosphere and thinned lithosphere under the Pannonian basin.
CONC L U S I O N
Accounting for the free surface, EVP rheology and the positive buoyancy of continental crust provides a new understanding of possible tectonic and surface evolution resulting from plume-lithosphere interaction. In particular, the comparison with topography profiles from Europe and Africa provides quite encouraging first-order test of the models.
Mantle plumes interact with the continental lithosphere before manifesting themselves as complex topographic signatures. While oceanic lithosphere can be considered as a low frequency modulator, continental lithosphere behaves as a multifrequency modulator. The lithosphere may increase the largest plume-related wavelength at the expense of reduction in its amplitude. For this reason, continental plumes may not necessarily produce detectable large-scale topography, but instead easily detected alternating small-or middlescale features normally attributed to regional tectonics. Attenuation of long surface wavelengths (>500 km) may occur in the case of weak, decoupled crust that accommodates the mantle uprise but negates its surface expression by thinning of upper layers (the degree of thinning is proportional for the degree of surface uplift).
In the case of decoupled rheology, the continental Moho presents a density and rheological barrier to propagation of plume material above or near Moho depths. The role of the competent mechanical core of the crust is as important as that of the mantle lithosphere (specifically in early Archean or recent lithosphere of <300 Ma age). Hence, crustal deformation may interfere with mantle deformation yielding complex periodic subsidence/uplift patterns. For example, surface evolution begins with a central uplift, but switches to subsidence accompanied by formation of adjacent basins. Both the amplitude and the wavelength of the EVP model with free surface differ from predictions of single-layer models with a fixed surface: the amplitudes of surface uplift are up to 2 times smaller; the initial regional wavelength of uplift is 20-30 per cent larger, there are also prominent secondary harmonics of deformation that correspond to small wavelengths (from 30-80 to 300-500 km), as identified in East Africa. The selection of discrete topographic wavelengths in response to plume-lithosphere interaction thus provides a new tool for inferring the most probable flow regime in the mantle.
In the case of strong lateral variation of plate thickness, impingement of the plume head produces both extension in the centre and compression at the far ends of the plate (eg. Fig. 10 at 5.5 Myr). Some concurrent extensional and compressional events, such as observed in the Pannonian-Carpathian system, may be explained by this effect. The lateral variations in plate thickness may result from the impingement or from pre-existing tectonic evolution (plate boundaries).
We outline five important results, compared to the predictions of conventional viscous models.
(i) The appearance of additional short and intermediate wavelengths of deformation (alternating basins and uplifts), which do not correlate with the dimensions of the plume head; possible concurrent compression at the borders of the system may serve as an indicator of plume impact.
(ii) Poly-phase deformation related to progressive reduction of the resistance of lithospheric layers as the plume head flattens horizontally.
(iii) Reduced impact of plume ascent on the amplitude of longwavelength surface elevations.
(iv) A concentration of plume-related extension in mantle lithosphere with little effect on decoupled crust; in the case of strong mechanical decoupling, the crust may not even feel the plume, which can be blocked below the Moho depth, although light residuals of partial melting may reach the surface.
(v) A modulation of the long-wavelength deformation.
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A P P E N D I X A : N U M E R I C A L M O D E L A1 Basic equations
The PAROVOZ is 2.5-D FLAC-type code (Cundall 1989; Poliakov et al. 1993) . It is a mixed finite-difference/finite-volume element numerical scheme, in which the coordinate frame is Cartesian 2-D, but stress/strain relations are computed in full 3-D formulation. The Lagrangian mesh of PAROVOZ is composed of quadrilateral elements subdivided onto two couples of triangular subelements with trilinear shape functions. PAROVOZ is a large strain fully explicit time-marching algorithm. It locally solves full Newtonian equations of motion in a continuum mechanics approximation,
coupled with constitutive equations (of practically any kind),
and with equations of heat transfer (heat advectionu∇T in the eq. A3 below is solved separately):
Here, u, σ, g, k are the respective terms for the displacement, stress, acceleration as a result of body forces and thermal conductivity. The overdots refer to time derivatives. The triangular brackets in eq. (A1) specify conditional use of the related term: in quasi-static mode inertial terms are dumped using inertial mass scaling (Cundall 1989) . The terms t, ρ , C p , T and H r designate respectively time, density, specific heat, temperature and internal heat production. α designates the thermal expansion coefficient and the subscript 0 refers to the parameter value at the reference state. The terms ∂/∂t, Dσ/Dt, F are a time derivative, an objective (Jaumann) stress time derivative and a functional, respectively. In the Lagrangian method, the incremental displacements are added to the grid coordinates allowing the mesh to move and deform with the material. This enables solution of large-strain problems locally using small-strain formulation: on each time step, the solution is obtained in local coordinates, which are then updated in the large strain mode.
Solution of eq. (A1) provides velocities at mesh points used for computation of element strains and of heat advectionu∇T . These strains are used in eq. (A2) to calculate element stresses and the equivalent forces used to compute velocities for the next time step. As a result of the explicit approach, there are no convergence issues, which is rather a common problem of implicit methods in the case of non-linear rheologies.
A1.1 Large displacements and remeshing
The algorithm incorporates adoptive remeshing to handle large strains and large displacements, such as convective movements, within a Lagrangian framework. Remeshing is implemented when the mesh becomes too distorted, i.e. when the minimal angle of elements reaches a pre-defined value (here 8
• ). Remeshing is done by weighted linear interpolation of the nodal values (velocity, mass and temperature field) and of the barycentric values for triangles (stress, strain, material phases, accumulated strain, viscosities). The algorithm searches for barycentres of triangles from the old mesh and finds closest (by Hemming's criterion) barycentres from the new mesh. Passive markers are used to improve the accuracy of interpolation. An additional interactive procedure is used to minimize phase diffusion so that mass balance for each phase is conserved.
A1.1.1 Stability
Dynamic time stepping is used: the algorithm automatically tests and adopts the internal time step using Courant's criterion for propagation of information (elastic waves, thermal diffusion), which allows one to provide a stable solution. Maxwell relaxation time for each time step is verified to insure that no stress relaxation occurs between two time steps. Reference experiments were repeated with 10 times smaller than Courant's/Maxwell limit on the time step.
A1.1.2 Pressure
Our approach has the advantage that it solves equations of motion for full stresses. It is thus of trivial matter to compute complete pressure p, which simply equals one-third of the trace of the full stress tensor ( 1 2 σ kk ). The difference between complete pressure p and its lithostatic component ρgz equals dynamic pressure P.
A2 Explicit serial plastic-elastic-viscous rheology
We use a serial (Maxwell type) body (eq. 1), in which the total strain increment in each element is defined by a sum of elastic, viscous and brittle strain increments. Consequently, in contrast to fluid dynamic approaches, where non-viscous rheological terms are simulated using pseudo-plastic and pseudo-elastic viscous terms (e.g. Solomatov & Moresi 2000; Bercovici et al. 2001) , our method treats all rheological terms explicitly. The parameters of elastic-ductileplastic constitutive relationships for the crust and mantle come from rock mechanics data (Tables 1 and 2 ; Kirby & Kronenberg 1987; Kohlstedt et al. 1995) .
A2.1 Plastic (brittle) behaviour
The brittle behaviour of rocks is described by Byerlee's law (Byerlee 1978; Ranalli 1995) , which corresponds to non-associated (zero dilatation but finite friction angle) Mohr-Coulomb material with friction angle φ = 30
• and cohesion |C 0 | < 20 MPa (e.g. Gerbault et al. 1998) :
where σ n is normal stress σ n = 
A2.2 Elastic behaviour
The elastic behaviour is described by linear Hooke's law:
where λ and G are Lame's constants. Repeated indexes mean summation and δ is Kronecker's operator.
